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Abstract—This study explores the fractionation of iron isotop@&€P*Fe) in an organic-rich mudstone
succession, focusing on core and outcrop material sampled from the Upper Jurassic Kimmeridge Clay
Formation type locality in south Dorset, UK. The organic-rich environments recorded by the succession
provide an excellent setting for an investigation of the mechanisms by which iron isotopes are partitioned
among mineral phases during biogeochemical sedimentary processes.

Two main types of iron-bearing assemblage are defined in the core material: mudstones with calcite
+ pyrite * siderite mineralogy, and ferroan dolomite (dolostone) bands. A cyclic data distribution is apparent,
which reflects variations in isotopic composition from a lower rangé®@Fe values associated with the
pyrite/siderite mudstone samples to the generally higher values of the adjacent dolostone samples. Most
pyrite/siderite mudstones vary betweei.4 and 0.1%. while dolostones range betweed.1 and 0.5%,
although in very organic-rich shale samples below 360 m core depth higfee values are noted. Pyrite
nodules and pyritized ammonites from the type exposure yiéltFe values of—0.3 to —0.45%.. A
fractionation model consistent with tl#&”Fe variations relates the lowé? Fe pyrite and siderite- pyrite
mudstones values to the production of isotopically depleted Fe(ll) during biogenic reduction of the isotopically
heavier lithogenic Fe(lll) oxides. A consequence of this reductive dissolution is thdeaenriched iron
species must be produced that potentially becomes available for the formation of thefifgfeetolostones.

An isotopic profile across a dolostone band reveals distinct zonal variatics®Fe, characterized by two
peaks, respectively located above and below the central part of the band, and decoupling of the isotopic
composition from the iron content. This form of isotopic zoning is shown to be consistent with a one-
dimensional model of diffusional-chromatographic Fe-isotope exchange between dolomite and isotopically
enriched pore water. An alternative mechanism envisages the infiltration of dissolved ferrous iron from
variable (high and lowp®’Fe sources during coprecipitation of Fe(ll) ion with dolomite. The study provides
clear evidence that iron isotopes are cycled during the formation and diagenesis of organic carbon-rich
sediments. Copyright © 2004 Elsevier Ltd

1. INTRODUCTION controlled redox phenomena in low-temperature marine sedi-
mentary, oceanic hydrothermal, and continental subsurface en-

The variations in_ stable-isotope_ a_bunqlances c_)f the I_ight vironments Beard et al., 1999, 2003a; Mandernack et al., 1999;
elements have provided profound insight into the interactions Maréchal et al., 1999; Anbar et al., 2000, 2001; Polyakov and

between the geosphere, biosphere and hydrosphere. Stablef\/lineev, 2000: Zhu et al., 2000a, 2002; Barling et al., 2001:
isotope abundances of intermediate-mass metallic elements aré3 llen et al., 2001: Matthews et al., 2001: Schauble et al.,
measurable at natural abundance levels using double-spike2001; Siebert et al., 2001 Johnson et al., 2002, 2003: thale

TIMS methods and multicollector, magnetic sector-inductively and Albarele, 2002: Skulan et al., 2002; Croal et al., 2003: Roe

coupled plasma mass spectrometry (MC-ICP-MS) (¢4glli- et al., 2003; Anbar, 2004; Icopini et al., 2004; Welch et al.
day et al., 1998, Beard and Johnson, 1999; Johnson and Beard2004)' ' ' ' ' ’ '

1999; Marehal et al., 1999; Belshaw et al., 2000; Zhu et al.,
2000a; Anbar et al., 2001; Siebert et al., 2pAInderstanding ir
the links between the observations on natural assemblages am’z
the experimental and theoretical basis underlying isotope frac-
tionation is one of the fundamental goals of isotopic studies.

Experimental, theoretical, and field-based studies indicate that
the isotopic systems of the transition elements iron, copper, and
molybdenum {'FeP*Fe; *SFePFe; ®>Culf3Cu; °"Mo/**Mo)

are potentially sensitive recorders of abiotic and biologically

Biogenic and inorganic redox processes, the sources of the
on in a particular setting (lithogenic Fe(lll) oxides; reduced
e(Il) solutions), and the sequential history of iron mobilization
and mass transfer, are among causal factors that can contribute
to iron-isotope fractionation in low-temperature geological set-
tings. Terrestrial igneous rocks are very homogenous in isoto-
pic composition with values of aboéf®Fe = 0.00 + 0.05%o
(relative to the UW-Madison average igneous standBedird
and Johnson, 1999; Beard et al., 20p3kithogenic sources of
Fe in the modern (oxygenated) earth, such as weathering prod-
«Author to whom correspondence should be addressed ucts, C(_)nFinerjtaI se_diments, r'i\_/er loads, and marine tqrbidites,
(alan@vms. huji.ac.il). have similar isotopic composition to the those of the igneous

T Present address: Department of Environmental Sciences and Energy '0cks and thus imply that weathering and sediment transport
Research, Weizmann Institute of Science, Rehovot, Israel. have a negligible fractionation effect in oxidized surficial en-
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Fig. 1. Map showing the Kimmeridge Clay Formation outcrop near Kimmeridge in south Dorset, UK (after Morgans-Bell
et a., 2001). Numbers around the edge of the map box refer to National Grid 10-km squares on Ordnance Survey
Landranger Map sheets 194 and 195. Samples were collected from the Swanworth Quarry 1 borehole (located in the
top-righthand corner of the map), and from the cliffs comprising the coastal section between Clavell’s Tower and Cuddle
(the Yellow Ledge Stone Band) and Clavell’s Hard (the Blackstone).

vironments (Beard et al., 1999, 2003a,b). Chemically precipi-
tated sediments on the other hand show marked variations in
isotopic composition, revealed in studies of Quaternary Fe-Mn
crusts in the northern Atlantic ocean (Zhu et a., 2000b), black
shales (Beard et a., 2003b), Banded Iron Formations (Johnson
et al., 2003), and low-temperature hydrothermal seafloor alter-
ation (Sharma et al., 2001; Beard et al., 2003b; Rouxel et a.,
2003). These examples potentially offer geochemical settings
for understanding the processes that control iron-isotope frac-
tionation in the natural environment.

This study investigates the fractionation of iron isotopes
(°’Fe/**Fe) in mineral phases from the organic-rich mudstones
that comprise the Upper Jurassic (Kimmeridgian-Tithonian)
Kimmeridge Clay Formation (KCF), at itstype locality in south
Dorset, UK (Fig. 1). Previous investigations of the KCF (e.g.,
Irwin et a., 1977; Scotchman, 1989; Macquaker et a., 1997),
in common with other ancient organic-rich mudstones, have
shown that its diagenetic evolution can be related to the depth-
controlled reaction zones identified in modern sediments. These
zones largely reflect thermodynamically and kinetically con-
trolled sequences of reactions involving the bacterially medi-
ated oxidation of the organic matter in anoxic conditions,
beginning with the sulfate-reduction zone (SR), with or without
anaerobic methane oxidation (AMO) at the base. Below these
zones, fermentation reactions occur within the methanogenesis
(Me) zone that, with increasing depth, transforms into the
decarboxylation (D) zone where temperatures become too high
for bacteriato persist (e.g., Claypool and Kaplan 1974; Froelich
et a., 1979; Berner, 1980; Coleman, 1985; Curtis and Coleman,
1986; Curtis et al., 1986; Raiswell, 1987). Reduction of litho-
genic Fe(lll) iron oxides to dissolved ferrous iron may aso
occur in suboxic conditions in the Fe-reduction zone (FeR),
allowing pyrite to form by reaction with H,S generated by
sulfate reduction either below the sediment-water interface or
in stratified anoxic bottom waters (Berner, 1970, 1984; Can-
field et al., 1996). Continued reduction of lithogenous iron and
the uptake of dissolved Fe(ll) in ferroan calcites and ferroan
dolomites is thought to occur dominantly in the Me and D

zones (Irwin et a., 1977; Coleman, 1985; Curtis and Coleman,
1986; Scotchman, 1991).

The well-documented K CF organic-rich mudstone sequence,
in which microbially mediated reduction processes play an
important role, offers an excellent setting to study the way in
which iron isotopes are partitioned between mineral phases in
amicrobially active sedimentary environment. The aim of this
work is to characterize the iron-isotope compositions of the
various iron-bearing phases in the KCF and to develop an
understanding of the fractionation mechanisms that could con-
trol the isotopic partitioning. The study thus complements the
growing body of experimental data on biogenic and abiogenic
iron-isotope fractionations by exploring the mechanisms that
can influence isotopic fractionation in a natural setting.

2. IRON-ISOTOPE FRACTIONATION AT SEDIMENTARY
TEMPERATURES

| sotopic measurements of iron-isotope ratios have been car-
ried out on both the >®Fe/>*Fe ratio (6°°Fe) and >"Fe/>*Fe ratio
(8°"Fe or £°"Fe). & values are defined using the standard
stable-isotope permil notation

8°Fe = ("Fe/*Fesnyd " Fel™Feyaars — 1) X 1000,

whereas ¢°’Fe values are expressed relative to a standard in
parts/10,000. Results expressed in the §°°Fe notation are re-
lated to 8°’Fe by the theoretical mass-dependent fractionation
relationship 8°°Fe = 0.68 X 8°’Fe, which has been experimen-
tally verified over a wide range of isotopic compositions (e.g.,
Matthews et al., 2001; Johnson et al., 2003).

Fractionations between two phases, A and B, arerelated to 8
values by the relationship: A(A — B) = 6A — 6B ~ 1000 In
an g, Where a, g is the fractionation factor (for 5" Fe/>*Fe):

aps = (Fe/>Fe) Al (PFe/*Fe)g

Figure 2 summarizes fractionation data available at present for
phases of interest to this study at temperatures of ~25°C. The
fractionations are presented for §°"Fe and all data published
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Fig. 2. Experimental iron-isotope fractionations at ca 25°C for var-
ious phases expressed relative to agueous ferrous ion (A%Fe (sample-
Fe(l1)ag.). Fractionation data reported using 5°Fe/>*Fe ratios have been
converted to >’Fe/>*Fe values. Data sources are as follows (refer to text
for details): calculated, Polyakov and Mineev (2000) and Schauble et
al. (2001); empirica (BIF) data, Johnson et al. (2003); experimental
inorganic: Skulan et a. (2002), Johnson et a. (2002), Butler et al.
(2003) and Wiedli et a. (2003); biogenic: Beard et al. (1999, 2003a),
Icopini et a. (2004) and Croal et al. (2004) and Johnson et a. (2004);
C. M. Johnson, personal communication.

using 8°’Fe values have been converted to >’Fe/**Fe ratios
using the mass-dependent fractionation relation. Theoretical
calculations of iron-isotopic fractionation using spectroscopic
data by Polyakov and Mineev (2000) and Schauble et al. (2001)
show that the heavier isotope is generadly enriched in the
oxidized iron species. This prediction was experimentally dem-
onstrated in coprecipitation experiments for iron-isotope frac-
tionation between Fe (111) and Fe (I1) agueous species at 22°C,
where an >®Fe/>*Fe fractionation of 2.75%. was calibrated by
Johnson et al. (2002). Subsequently, Welch et al. (2004) cor-
rected this fractionation factor to 3.02 = 0.14% (i.e., an >"Fe/
S4Fe fractionation of ~ 4.5%o) to allow for the effects of partial
reequilibration during coprecipitation. Welch et a. (2004) also
showed that this fractionation is temperature dependent, mea-
suring a *®Fe/>*Fe fractionation of 3.50 + 0.31%o at 0°C, and
is unaffected by moderate variations in the chloride content in
solution. An experimental determination of a near-zero frac-
tionation between hexaquo Fe (111) ion and hematite at 98°C by
Skulan et al. (2002) implies that these phases fractionate iden-
tically at 25°C. The iron-isotope fractionations from these
experimental systems are significantly smaller than those the-
oretically predicted, but are consistent with more recent calcu-

lations of density function theory (Jarzecki et al., 2003; Anbar,
2004). Empirical estimates, based on iron-isotope fraction-
ations among coexisting mineralsin the Banded Iron Formation
(BIF) of the Transvaal Craton (Johnson et al., 2003), show
siderite and ankerite to be isotopically depleted minerals (Fig.
2). Theoretical calculations predict that pyriteis an isotopically
heavy phase. However, the first results of an experimental
study on the precipitation of FeS, which forms as a natural
precursor mineral to pyrite (Canfield, 1989) show that it is
isotopically depleted relative to the parent Fe(ll) solution
(ASSFe(FeS-Fe(ll)) = —0.3%o0; Butler et al., 2003). Abiogeni-
caly formed siderite is also indicated by experiment to be
slightly isotopically depleted with respect to Fe(Il) ion in
solution (Wiedli et a., 2003).

In addition to the factors mentioned above, it has been shown
that organic ligands may also influence isotope fractionation.
Brantley et al. (2001, 2004) observed the formation of isotopi-
cally depleted Fe solution species during the dissolution of
hornblende in the presence of organic Fe-chelating ligands,
which they attributed to kinetic fractionation effects associated
with formation of a leached surface layer. On the other hand,
congruent solution is observed for goethite in the presence of
organic ligands (Brantley et al., 2004), as previously was found
for inorganic dissolution of hematite (Skulan et al., 2002).

Experimentally determined biologic fractionations among
iron isotopes are shown at the bottom of Figure 2. Aqueous
Fe(ll) ion formed during the action of dissimilatory Fe-reduc-
ing bacteria (S alga) on hematite and hydrous ferric oxides
(HFO) is approximately 1.3%. depleted in %°Fe (1.9%. for
5’Fe/>*Fe) relative to the solid (Beard et al., 1999, 2003a).
Icopini et al. (2004) have observed a similar ®Fe/>*Fe frac-
tionation of —1.2%. for goethite- Fe(l1) in the presence of the
reducing bacteria S. putrefaciens. In contrast, HFO formed by
the action of photosynthetic Fe-oxidizing bacteria on Fe(ll) in
solution isisotopically enriched in ®Fe by 1.3 to 1.5%o. equiv-
alent to 1.9-2.2%o in 5"Fe/>*Fe (Croal et al., 2004). Long-term
experiments involving the formation of Fe carbonates by the
dissolution of hydrous ferric oxide in the presence of dissimi-
latory Fe-reducing bacteria give >°Fe/>*Fe fractionation factors
of 0%o for siderite-Fe(Il) and —0.9%. (—1.4%0 for *'Fe/>*Fe)
for Ca-siderite-Fe(Il) (Johnson et al., 2004; C. M. Johnson,
personal communication). The smaller, experimentally mea-
sured biogenic agueous Fe(I11)-Fe(11) fractionations, relative to
the inorganic equivalents, are taken to reflect the ‘vital’ effect
of organisms long known from light stable-isotope geochem-
istry (Beard et a., 2003a). Thus, regardless of the mechanism,
reduction is expected to result in isotopic depletion.

3. GEOLOGICAL SETTING OF THE KIMMERIDGE CLAY
FORMATION AND SAMPLE LOCATIONS

The Kimmeridge Clay was deposited during Late Jurassic
times within a north-south trending seaway that developed off
the Laurasian continental margin (Whittaker, 1985; Ziegler,
1988, 1990; Bradshaw et a., 1992). The seaway connected the
Boreal Sea with Tethys intermittently through the Jurassic,
especidly during times of high globa sea-level, and the or-
ganic-rich facies that typify the Kimmeridge Clay today com-
pose the primary oil-source rock for the North Sea Province. At
its type locality in south Dorset (Fig. 1), the KCF consists of
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~600 m of cyclic calcareous and organic-rich mudstones in-
tercalated with coccolith limestones and dolostones. Here, the
formation is immature having experienced only modest burial.

The stratigraphy of the KCF has recently undergone detailed
reanalysis and description based upon a petrographical and
mineralogical study of cores from three boreholes (two at
Swanworth Quarry [SY 9675 7823] and one at Metherhills[SY
9112 7911]), drilled close to the coastal type section in Dorset.
The work was carried out as part of the Natural Environment
Research Council (NERC) Rapid Global Geologica Events
(RGGE) project “Anatomy of a Source Rock” (e.g., Gdlois,
2000; Morgans-Bell et a., 2001). The study allowed a detailed
characterization of the lithologies comprising the succession
and found that creamy-white coccolith limestones and thin
bands of iron-bearing limestones and dolostones intersperse
four basic mudrock types (Morgans-Bell et a., 2001): (@)
medium-dark to dark grey marl; (b) medium-dark to dark-grey-
greenish-black shale; (c) dark-grey to greenish-black-olive
black laminated shale; and (d) grayish-black—brownish-black
mudstone, which constitute the most organic-rich rocks of the
succession, with total organic-carbon (TOC) contents typically
in the range 8—15 wt%. The most prominent horizon of litho-
logical type (d) is the Blackstone (uppermost wheatleyensis
zone) which, in the Swanworth Quarry 1 (SQ1) core, yields
TOC contents >35 wt% (Morgans-Bell et al., 2001). At the
type section, where the Blackstone commonly contains pyrite
nodules over 10 cm in diameter (Fig. 3a), higher TOC values
have been recorded, ranging from >35 to 63 wt% (Oschmann,
1988; Tyson, 1985, 1989; Myers and Wignall, 1987; Coe,
1992; Van Kaam-Peters et al., 1998; Saden et al., 2000).

The variety of mudstone facies that make up the formation
are thought to reflect changes in basin tectonics, sedimentation/
buria rates of the different components, and variable oxygen-
ation state of the bottom waters, which fluctuated from oxic to
dysoxic/anoxic (e.g., Tyson et a., 1979; Wignall and Myers,
1988; Wignall and Newton, 1998; Raiswell et a., 2001). The
presence of biomarkers sourced from green sulfur bacteria
(isorenieratane derivatives) in KCF strata from the wheatley-
ensis-pectinatus zones, together with small (<5um), regular-
sized pyrite framboids (autissiodorensis-pectinatus zones,
Wignall and Newton, 1998), indicates that free H,S was
present in the water column and at least periodically extended
into the photic zone (e.g., Sinninghe Damsté et al., 1998; Van
Kaam-Peters et al., 1998). Sulfate reduction and pyrite precip-
itation hence took place at times well above the sediment-water
interface. The bulk iron-isotope signatures of pyrite from the
Kimmeridge Clay must therefore reflect the composition of
material precipitated from dissolved ferrous iron within the
water column as well as material remobilized within the sedi-
ment.

This study is based upon samples taken mainly from the
Swanworth Quarry 1 core (see Fig. 4, after Morgans-Bell et a.,
2001), with additional specimens collected from the type sec-
tion in Dorset. The mudstone and stone band samples that
comprise this study mostly range in age from the autissiodor-
ensis-hudlestoni ammonite zones (spanning ~360-200 m
depth in the SQ1 core, Fig. 4), and represent a relatively
organic-rich part of the KCF. The stone bands are primarily
ferroan dolostones, with the Basalt Stone Band (mid-hudlestoni
zone) representing the only calcite-bearing stone band included

Fig. 3. Field photographs showing the cliff section comprising the
Kimmeridge Clay Formation type section, illustrating (&) the organic-
rich Blackstone (upper wheatleyensis zone) immediately east of
Clavell’s Hard (SY 920 777), with constituent pyrite nodules indicated
by arrows, and (b) the Yellow Ledge Stone Band (basal scitulus zone)
near Cuddle (SY 912 782), which isamustard yellow color in thefield.
Organic-rich mudstones occur above and below the stone band. A
section through the stone band and adjacent mudstones was analysed
by this study.

in the study. Note that the level of the Washing Ledge Stone
Band (lower autissiodorensis zone) in the core is relatively
weakly cemented and is likely only a poorly developed equiv-
aent to that found at the coastal exposure. The bed is hence
referred to herein as the Washing Ledge equivalent. It is worth
noting that the carbonate stone bands intercalated within the
KCF are more prominent in the weathered cliff section (Fig.
3b) than in the core, where they are most easily identified by
their bell-like resonance on being struck with a hammer. The
borehole samples consist of vertical slices of the central part of
the core. The dices were divided into 10 cm intervals and
powdered to give composite samples.

To obtain a good mineralogical specimen of pyrite for iso-
topic analysis, nodules of this mineral from the Blackstone
(upper wheatleyensis zone) were sampled east of Clavell’s
Hard (SY 920 777) at the type section. In addition, a pyritized
ammonite was collected from organic-rich mudstones approx-
imately 2 m below the Clavell’s Hard Stone Band (mid-wheat-
leyensis zone).

The iron-isotope distribution in the KCF ferroan dolostone
bands was investigated through detailed measurements across
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the Yellow Ledge Stone Band (basal scitulus zone). A central
slice of the 48-cm thick stone band and adjacent mudstones was
acquired from the complete SQ1 core housed at the British
Geologica Survey (BGS) in Keyworth, UK. In addition to this
study of the core, we also sampled the Yellow Ledge where it
crosses the beach at the type section. Seven orientated, hand-
sized specimens were taken from a 29-cm thick section of the
stone band.

To complement the extensive database of Beard et al.
(2003b) on lithogenic, oxidized (Felll) iron source materials,
we analysed several Mid-Upper Jurassic sedimentary iron (I11)
oxyhydroxides. These are: an Aalenian (~178 Ma) Fe-nodule
from San Vigilio, northern Italy (Sturani, 1964); Bajocian
(~174 Ma) ferruginous oncoliths from Burton Bradstock, Dor-
set (locally known as “snuffboxes’), a Kimmeridgian oolitic
ironstone from Abbotsbury, Dorset, and a Tithonian (~150
Ma) ferruginous nodule from Tata, Hungary described by Fi-
16p (1976) (dates from Palfy et al., 2000). The limonitic Bajo-
cian ‘snuffboxes’ and Abbotsbury ironstone are suggested to
have originally comprised layers rich in ferric iron oxyhydrox-
ides that were wholly or partly replaced by chamosite/berthier-
ine under reducing conditions during early diagenesis, but were
later reconverted to goethite, perhaps under the influence of
ground waters (Gatrall et al., 1972; Brookfield, 1973; Jones and
Sellwood, 1989; Palmer and Wilson, 1990; Jenkyns and Senior,
1991). The other samples, from open-marine and pelagic sed-
iments, are believed to have remained as oxyhydroxide phases
throughout their history. Most lithogenous iron is carried down
to the sea as ferric oxyhydroxides adhered onto clay particles
(Carroll, 1958).

4. ANALYTICAL METHODS

The mineralogy of the composite samples from the SQ1 core was
studied by X-ray powder diffraction (XRD) using an Philips Analytical
X-ray Diffractometer. Magnetic susceptibility, total carbonate and
TOC contents, and §**C (TOC) values were obtained from the detailed
core log measurements (Morgans-Bell et a., 2001).

The samples of the Yellow Ledge Stone Band from the SQ1 core
were sectioned at 2-cm intervals perpendicular to the core's depth axis
and portions of these slices were crushed to give a homogenous
powder. Samples from the Yellow Ledge in the cliff section were also
sectioned and cut at measured intervals and crushed to a powder.

The protocol for the preparation of Fe-solutions for iron isotopic
analysis was modified after that used in the Department of Earth
Sciences, University of Oxford (Zhu et a., 2002). Homogenized ali-
quots of 0.2 g sample were completely dissolved (total digestion) in
Teflon beakers in ultrapure concentrated HCI, HF and 1:1 HCIO,, a
stage that removes al silica and organic matter. The Fe content of the
solution was determined by Atomic Absorbtion Spectroscopy and an
appropriate amount of solution containing 100 ug Fe was placed in a
Teflon beaker with adrop of 30% H,0O, and evaporated to dryness. The
solid was then redissolved in 1 mL 6M HCI to produce a 100 ppm Fe
solution for chromatographic separation using Biorad Macropore anion
exchange resin MP1 100—200 mesh in its chloride form, which had
been precleaned in 1M HCI and double dionized water (DDW) with the
fine particles being decanted. Each sample was loaded onto the resin
where Feis preferentially taken up as[FeCl,] ~ and further washed with
12 mL 6M HCI to remove unwanted ions (Ca, Mg, Al, etc). Elution of
the Fe from the column was made by the addition of 11 mL 0.1M HCI
in severa aiquots. Under these conditions complete iron recovery is
achieved from the columns.

The isotopic analyses were made using a sample bracketing method
using a standard solution (1000 ppm Fein 1M HCI) prepared from the
IRMM-14 Fe wire standard. before MC-IC-PMS analysis, 1 drop of
30% H,0, was added to 0.5 mL of the IRMM-14 stock solution, which

was evaporated to dryness and dissolved in 50 mL 0.1 M HCI to
produce a ferric ion working standard. Fe isotopic measurements were
made on a Nu Instruments (Wrexham, Wales, UK) MC-ICP-MS at the
Geologica Survey of Israel, as described by Belshaw et a. (2000) and
Zhu et a. (2002). Sample and standard Fe-solutions were introduced at
10 ppm concentration to the plasma through a desolvating nebulizer
without N, flow to eliminate interferences associated with ArN and
hydroxide species. All analyses reported here are given in the §°’Fe
notation relative to the IRMM-14 standard. Beard et a. (2003a) report
a 8°"Fe IRMM-14 value of —0.11 + 0.07%. relative to their average
igneous Fe standard. Adjustment of our analyses to the §°Fe values of
the Madison laboratory (and vice-versa) is therefore made by subtract-
ing 0.11%. from our §°’Fe (IRMM) vaues to give the §°’Fe value
relative to the average igneous standard, and then multiplying thisvalue
by 0.68.

A number of factors are known to influence the accuracy of iron-
isotope analyses. These have been documented in detail by Belshaw et
al. (2000), Zhu et a. (2002) and Beard et al. (2003a,b) and include both
matrix and isobaric interferences. Several precautionary procedures and
checks were made in this work to ensure the validity of the isotopic
analyses.

1. Because of the high amounts of Ca and Mg in the sedimentary
samples of this study, trace amounts of these elements were still found
after one ion exchange column separation (Ca =< 0.5 ppm; Mg < 0.2
ppm; Na = 0.4 ppm). Since ions such as Ca may potentialy interfere
with the mass spectrometry (Beard et al., 2003b), the chromatographic
column separation procedure was repeated a second time. Chemical
analyses of the resulting 10 ppm Fe solutions used in the mass spec-
trometry showed that these elements were below the analytical detec-
tion limits (=0.1 ppm). The final eluted sample was evaporated to
dryness with 1 drop 30% H,0, to ensure al Feisferric (cf. Zhu et al.,
2002, for a discussion of the valence effects on instrumental mass
fractionation) and redissolved in 0.1M HCI to produce a 10 ppm
solution for mass spectrometry. In addition to the precautions ensuring
that both standard and sample contain iron that is entirely in the ferric
state, MC-ICP-M S analysis was made within a few days of preparation
of the 10 ppm Fe-solutions.

2. Mass spectrometric reproducibility was checked by running the
IRMM-14 standard as both sample and standard (zero enrichment) and
over the course of this study gave 8°’Fe = 0.00%. with a standard
deviation of 0.04%.. A check of processing bias was made by the
isotopic analysis throughout the study of IRMM-14 solution samples
that were processed using the same double chromatographic separation
protocol as for the KCF samples. This procedure gave §°’Fe = 0.06%o
*+ 0.09%o (1o).

3. Duplicate extractions of samples from this study were performed
and replicate mass spectrometric analyses were made in different
sessions (days). The analytical results from these checks are given in
Table 1, together with the mean value and the standard deviation (1o)
for each sample. These errors, together with those reported in above
suggest that errors of ~0.1%0 (1o) are appropriate for this study. No
correction has been made for the dlightly positive average value of
8°"Fe (0.06%o0) given by the chromatographic separation experiments
on the IRMM-14 standard.

5. RESULTS

The results are given in Table 2, which lists the iron-isotope
compositions together with sample depths for the composite
samples taken from the SQ1 core and Fe wt% determined after
total dissolution, estimated magnetic susceptibility, total car-
bonate and TOC content, and §*3C TOC values.

5.1. Mineralogy of Iron-Bearing Phases

The results of the X-ray diffraction studies of the composite
core samples are presented in Figure 5. They show that the
mudstones consist mainly of calcite, clays (kaolinite and illite
with minor palygorskite), and detrital minerals, with pyrite
and/or siderite as the iron minerals. The stone bands are mostly
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Table 1. Analytical replicates of samples analyzed in this study.

85Fe(l) Replicates® 6°"Fe(Il) 85Fe(lll) Mean 8°"Fe
Sample Rock type Duplicate no.? (%) (%) (%o) *10%0

SQ1-92-2 Dolostone 92-2A 0.29 0.27

92-2B 0.27 0.30 0.28 = 0.01
SQ1-100-30 Dolostone 100-30a 0.48 0.53 0.48 0.50 + 0.03
SQ1-109-26 Dolostone 109-26A 0.42 0.36 0.39 + 0.03

120-20B 0.37

120-20C 0.23 0.28 = 0.07
SQ1-137-20 Dolostone 137-20A 0.14 0.17 0.16 + 0.02
SQ1-116-22 Mudstone 116-20A -0.22 —-0.18

116-20B -0.25

116-20C -0.04 —0.17 = 0.09
SQ1-123-20 Mudstone 123-20A -0.15 -0.20 -0.18+0.04
SQ1-153-26 Mudstone 153-26A 0.51 0.49 0.53

153-26B 0.43 0.49 + 0.04
YL/-4 Mudstone YL/-4A —0.09 -0.04 —0.07 = 0.04
1-HUN Fe-nodule 1A 0.85

1B 0.91 0.88 = 0.04

2 Duplicate No (A,B etc) gives the number of duplicate chemical extractions of a sample.
b Replicates give the results of MC-ICP-MS analyses of the sample made in different analytical sessions.

dolomite rich, with minor calcite, detrital minerals and clays.
Pyrite is not indicated in these bands, with the exception of the
Basalt Stone Band, which is calcite-dominated and contains
pyrite, and the Washing Ledge equivalent, which contains
prominent siderite in addition to pyrite, calcite and clays. The
qualitative proportions of pyrite, siderite and dolomite, indi-
cated by uncalibrated XRD peak heights, are plotted against
depth in the lower diagram of the Figure 5. The antithetical
relation between the dolomite-rich, but pyrite/siderite-absent
stone bands, and the pyrite and/or siderite-bearing, dolomite-
poor mudstones is clearly revealed. The iron mineralogy of
composite samples can therefore be primarily assigned to pyrite
and/or siderite in the mudstones (and beds such as the Washing
Ledge equivalent) and to ferroan dolomite in the dolostone
bands. The iron contents of the various composite samples
show a positive correlation with magnetic susceptibility, con-
sistent with the iron mineralogy (Fig. 6). Mudstone samples
with pyrite as the only iron phase have Fe contents ~2.5 wt%
and a low magnetic susceptibility characteristic of pyrite. Si-
derite = pyrite-bearing mudstone samples and ferroan dolo-
mites have higher Fe contents (3—7 wt% and 4—6 wit%, respec-
tively) and higher magnetic-susceptibility values in accordance
with their higher paramagnetic susceptibility.

In a study of KCF mudstones from onshore and offshore
(North Sea) locations, Macquaker et al. (1997) suggested that
finite amounts of Fe(l11) are substituted in clay mineras, prin-
cipally octahedral sites of dioctohedral smectite. Illite and
kaolinite are indicated to be the major clay minerals of the
composite samples and Morgans-Bell et a. (2001) note that, in
general, smectite and chlorite are present only in minor
amounts in the core samples. Thus, while iron presence in the
clay mineral structure cannot be eliminated, it is assumed to be
a minor fraction of the total iron.

XRD studies of samples sectioned from the Yellow Ledge
core sample show a uniform mineralogy across the stone band,
dominated by dolomite with lesser calcite, and minor quartz
and clay minerals. Trace amounts of residua pyrite were evi-
dent in SEM images.

5.2. Iron-Isotopic Compositions

The 8%"Fe values of the composite samples from the SQ1
core are plotted as afunction of depthin Figure 7. A cyclic data
distribution is apparent, which reflects variations in isotopic
composition from a lower range of values associated with the
pyrite/siderite mudstone samples to the generally higher values
of the dolostone samples. Dolostones are isotopically enriched
with respect to adjacent or nearby mudstones, with differences
(AFe(dolostone-mudstone)) varying from 0.1 to 0.8%. (Fig. 7).
Most pyrite/siderite mudstones vary between —0.4 and 0.1%o
whereas dol ostones range between —0.1 and 0.5%o, although in
samples below 360 m higher §°”Fe values (~0.5 and 1.0%o,
respectively) are noted. These stratigraphically lower samples
arelocated in the very organic-rich shales of Bed groups 32 and
33 (after Morgans-Bell et al., 2001), representing the eudoxus
zone, which have particularly high Fe contents of around 4
wit%. The average 6°“Fe values of samples above 360m depth
are: pyrite-bearing mudstones (all samples, including those
from the type exposure), —0.22 * 0.20%o (10); siderite/pyrite-
bearing mudstones, —0.12 * 0.06%o; dolostones, 0.32 + 0.11%o.
The isotopic composition of pyrite and siderite-bearing samples
thus overlap within errors. No significant correlations were also
evident between 6°“Fe and Fe content, TOC and §*3C values
(Table 2). Figure 7 also shows the range of §°’Fe values of the
‘lithogenic source’ samples taken from the compilation of
Beard et a. (2003b). The samples of Jurassic ferruginous
oxyhydroxide crusts, nodules and ooliths analysed in this study
broadly overlap with this range, whereas the Tithonian ferro-
manganese nodule analysis yields a somewhat higher value of
0.88%o (duplicate extractions).

The three samples of pyrite collected from the Blackstone
and Clavell’s Hard at the type section give §°“Fe vaues of
—0.31 to —0.45%. (Table 1), faling in the lower end of the
range of values for the pyrite-bearing mudstone samples. It is
interesting to note that the composite core sample representing
the Blackstone (box 102-sample 20) also gives §°’Fe value of
—0.31%o.
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Table 2. Iron-isotope analyses of Kimmeridge Clay samples and Jurassic iron oxides.
5%"Fe (IRMM-14(%0)
Magnetic Tota
Depth in Stone-band (SB) Cc + siderite = Fe(lll) Fe  susceptibility carbonate TOC  8%°C
core/m Sample no. name Dolostones  pyrite mudstones  Oxides  (wt%) 10° Sl (wt %) wt%  TOC Sample notes®
Lithogenic Sources (Jurassic)
Vel(Aaenian) 0.14 Fe-nodule, S. Vigillo, N. Italy
BJ-1(Bajocian) 0.16 Fe oncoliths (* Snuffboxes’)
BJA (Bgjocian) 0.42 Burton Bradstock, Dorset
AB-1 (Kimmeridgian) -0.08 Limonitic Ironstone,
Abbotsbury, Dorset
1-HUN (Tithonian) 0.88 Ferromanganese nodule, Tata,
Hungary
SQ1 core 10 cm average samples
119.60 SQ1-51-12 —0.09 34 225 14 11 -26.8 BG50, Pectinatus Nodules
21395 SQ1-91-15 —0.39 23 36 6.6 —256 BG44, shde
21518 SQ1-92-2 Unnamed SB 0.28 4.0 39.7 7 06 —264 StoneBandin BG44
21649 SQ1-92-16 Basalt Stone 0.16 23 9.9 27 20 —269 Basdt Stone Band (Calcitic)
238.46  SQ1-100-30a Rope Lake 0.50 36 325 72 43 —249 Rope Lake Head Stone Band
24360 SQ1-102-20 -031 24 43 45 76 -24 Blackstone: Greyish Black—
Brownish Black Mudstone
with pyrite nodules
24454  Sql1-103-1 —0.12 26 75 26 204 —259 Dark Grey—Greenish Black—
Olive Black Shale (BG42)
24500 SQ1-103-6 0.07 26 118 12 52 —257 Dark Grey-Greenish Black—
Olive Black Shale (BG42)
25458 SQ1-107-6 -0.11 25 2.7 13 6.3 —26.3 Med. Dark-Dark Grey Shale
(BGA41)
25514 SQ1-107-12 -0.23 23 5.7 54 67 -25 Med. Dark Grey—Greenish
Black Shale (BG41)
260.85 SQ1-109-26 Grey Ledge 0.39 39 40.8 81 09 —264 Grey Ledge Dolostone band
27236 SQ1-114-21 Cattle Ledge —-0.10 36 33.9 82 0.7 —265 Cattle Ledge Dolostone band
27724  SQ1-116-22 -0.17 7.0 72.6 2 57 —265 Med. Dark-Dark Grey Shale
(BG38)
286.15 SQ1-120-10 0.08 2.7 9.3 4 119 —231 Dark Grey—Greenish Black—
Olive Black Laminated Shale
(BG37)
287.15 SQ1-120-20 Yellow Ledge 0.26 4.4 33.6 68 80 —233 Yellow Ledge Stone Band
29460 SQ1-123-20 -0.18 4.3 36.3 30 71 —253 Med. Dark Grey—Greenish
Black Shale (BG38)
327.65 SQ1-136-18 —0.08 25 141 21 16 —246 Med. Dak-Dark Grey Shale
(BG35)
330.17 SQ1-137-20 Maple Ledge 0.16 58 45.0 16 -25 Maple Ledge Stone Band
350.70 SQ1-145-24 Washing Ledge —0.03 6.2 35.2 45 35 —254 Washing Ledge Equivalent
361.34 SQ1-149-24 0.49 38 125 4 9.9 Med. Dark-Dark Grey Shale
(BG33)
365.21 SQ1-151-6 The Flats 1.02 225 80 37 The Flats Stone Band
37256 SQ1-153-26 0.49 39 225 10 78 —254 Med. Dark-Dark Grey Shale
(BG32)
46 cm thick Yellow Ledge SB samples from SQ1 core*
YL/-4 —0.07 23
YL/O-2 0.03 52
YL/4-6 0.10 5.2
YL/10.5-12.5 0.27 4.8
YL/16-18 0.47 35
YL/22-24 0.00 3.0
YL/29-30 -0.14 3.7
YL/34-36 0.23 35
YL/40-42 0.06 39
Y L/44-46 0.01 45
YL/51-52 —0.60 21
29 cm thick Yellow Ledge SB exposure at Kimmeridge Bav®
YLE/O-1.5 —0.13 47
YLE/5.5-7.5 0.13 39
YLE/9.5-11.5 0.08 2.8
YLE/13.5-15.5 0.04 35
YLE/17-19 0.17 32
YLE/19.5-22 0.06 4.0
YLE/24.5-26 0.06 3.8
YLE/27-29 —0.23 4.7
Pyrite from exposure at Kimmeridge Bay
BLN-A Blackstone -0.31 Pyrite nodule
BLN-C Blackstone —-0.45 Pyrite nodule
CLN-1 2m below Clavell’s -0.34 Pyritized ammonite
Hard SB

2The location of the mudstone samples are given with respect to the Bed Groups (BG) defined by Morgans-Bell et a. (2001).

b Numbers after the YL/ refer to the position in cm from which the sample was sectioned and powdered. The distances are reported relative to the basal contact of the Stone Band.
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Lithological Mudrock anhydrite
Sample # Type Type kaolinite palygorskite illite gyp./halite feldspar quartz_siderite dolomite calcite pyrite
51-12 mudstone 2 2 4 1 4* 1
91-15 mudstone a 2 2 1 3 4 1
92-2 BG44 SB 1 1 1 1 5
92-16 Basalt SB 2 3 1 1 3 1 4 1
100-30 Rope Lake SB 1 1 2 4 3
102-20  Blackstone d 3 1 3 3 3 2
1031 mudstone c 1 2 3 1 3 2
103-6 mudstone c 2 2 1 3 1 3 2
107-6 mudstone b 2 3 1 3 1 3 2
107-12 mudstone b 1 1 3 3 2
109-26  Grey Ledge SB 1 1 2 5 2
114-2 Cattle Ledge SB 1 1 1 2 5
116-22 mudstone b 2 1 2 1 2 3 3 2
120-10 mudstone c 3 1 3 2 1 4 2 3
120-20  Yellow Ledge SB 1 1 1 5 2
123-20 mudstone b 2 1 2 1 3 3 3 2
136-18 mudstone b 3 2 2 3 1 2 1
137-20  Maple Ledge SB 1 1 2 4 1
145-24 Washing L. Equiv. 3 3 1 2 3 2 1
149-24 mudstone b 3 3 2 1 4 2 2
151-6 The Flats SB 1 1 1 5
152-19 mudstone b 3 3 2 3 1 1 2
153-26 mudstone b 3 3 1 1 3 2 1 3 2
*contains aragonite
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Fig. 5. Mineralogy of the Swanworth Quarry 1 composite samples. (a) Relative proportions of the minerals identified by
X-ray diffraction search software are based on the relative heights of the major peaks. Sample numbers reflect SQ1 box and
composite sample number, e.g., box 92, sample 16, for the Basalt Stone Band. (b) Relative proportions of dolomite, pyrite,
and siderite as a function of depth in meters. Dolostone bands are recognizable by the “peaks’ of dolomite abundance and
alternate with the dolomite-poor, pyrite- and/or siderite-bearing samples.

The composite sample of the Yellow Ledge Stone Band
gives an average 8°’Fe value of 0.28%.. The isotopic profiles
across the Yellow Ledge and corresponding Fe contents in the
core and exposure are plotted in Figure 8. Both profilesindicate
decoupling of the &°“Fe values from the iron content. This
feature is most clearly revealed in a profile of samples sec-
tioned from the core (Fig. 8a), where samples were taken at
2-cm intervals perpendicular to the depth axis; aternate slices
were powdered and analysed. The profile reveals distinct, sys-
tematic zonal variations in §°’Fe and Fe wt%. The 8°'Fe
zoning is characterized by two peaks, located above and below
the central part of the stone band. Taking the trend in the lower

half of the band as most clearly defining these changes, 5°"Fe
values of around —0.1%o. in the centre rise to a maximum of
~0.5%0 some 18 cm from the margin before dropping to a
value of ~0%o at the lower (basal) margin. A similarly placed,
but slightly smaller rise and fall of 6°’Fe values occurs within
the upper part of the band. The 8°”Fe peaks thus appear to be
positioned roughly symmetrically with respect to the centre and
margins, with higher values occurring in the lower half. The
iron contents show a different trend with the lowest values of
around 3 wt% occurring in the centre, rising to maximum
values of 4.5 to 5 wt% at the margins. The mudstone analyzed
a 4 cm below the band (YL/-4) gives a 6°'Fe value of
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Fig. 6. A plot of wt% Fe of the SQ1 composite samples vs. magnetic
susceptibility, determined from the core record for stone bands and
pyrite- and siderite-bearing mudstones. Data from Table 2.

—0.07%0, whereas the sample from 4 cm above the band
(YL/51-52) gives a value of —0.60%o., representing the lowest
value measured in the mudstone samples.

The profile for the Yellow Ledge Stone Band sampled from
the type exposureis given in Figure 8b. Although the variations
in isotopic and Fe content variations are more muted, they till
show features observed in the core sample; high §°’Fevaluesin
the interior decrease to lower values at the margin while Fe
contents increase from centre towards the margins.

6. DISCUSSION

6.1. Iron-Isotope Composition of Mudstones

The depth vs. 8°”Fe profile for the composite samples from
the SQ1 core show that the ferroan dolomites are isotopically-
enriched with respect to the pyrite/siderite-bearing mudstones.
This order of isotopic enrichment clearly disagrees with pre-
dictions of isotopic equilibrium based on the calculated frac-
tionation factors (Fig. 2), which place pyrite as a markedly
5’Fe-enriched phase relative to both siderite and ankerite. The
occurrence of pyrite as an isotopically depleted minera phase
has been observed in Banded Iron Formations (Johnson et al.,
2003), with isotopic compositions among the lowest yet mea-
sured for natural materials. Experimental, empirical and theo-
retical studies of fractionations for carbonates indicate that
ferroan dolomites should also be isotopically depleted relative
to alithogenic Fe(ll1) precursor (Fig. 2) and thisis clearly not
the case for the KCF samples.

Biogenic reduction processes form an isotopically depleted
species relative to an Fe(l11) source, and given the pivotal role
of microbial processes in the organic-rich KCF mudstones, the
formation of the pyrite/siderite from lithogenic iron sources can
be examined from this standpoint. As discussed in Section 2,
experimental data show that agueous Fe(ll) formed by the
action of Fe-reducing bacteria on ferric oxides and hydroxides
is approximately 1.8 to 1.9%. depleted in >’Fe relative to the
solid at ~25°C: (Beard et ., 1999, 2003g; |copini et a., 2004).
By contrast, A%’ Fe(siderite — Fe(I1)) = 0%o and for Ca-siderite

O Stone Bands
B Siderite-Pyrite-calcite-bearing mudstones
@ Pyrite-Calcite-bearing mudstones
< Lithogenic Fe oxides (this study)
B 40':{.:.@1"2._.:03 o5
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Fig. 7. 8°"Fe vs depth profile for the composite samples from the
Swanworth Quarry 1 core. The shaded area shows the range of §°'Fe
analyses (expressed as the + 2¢ range after conversion to the IRMM
standard) of lithogenic source materials given by Beard et a. (2003b)
for clastic sedimentary materials including loess, aerosols, soil, modern
oceanic turbidites, and the suspended load from rivers. The samples of
Jurassic lithogenic iron oxyhydroxides analysed in this study are num-
bered: 1 = Adenian Fe-nodule (San Vigilio, Italy); 2, 3 = Baocian
Fe-oncoliths (Burton Bradstock, Dorset); 4 = Kimmeridgian Fe-ooliths
(Abbotsbury, Dorset); 5 = Tithonian ferromanganese nodule (Tata,
Hungary).

(a possible analog for ferroan dolomite) AS"Fe(Ca-siderite —
Fe(ll)) = —1.4%0 (Johnson et al., 2004; C. M. Johnson, per-
sonal communication). C and O isotope measurements of the
carbonates of the Blackstone clearly define their origin in the
sulfate-reduction (SR) zone (Irwin et a., 1977), with temper-
atures of calcite formation varying between 15 and 30°C. The
8°"Fe values of the pyrite samples from the Blackstone vary
between —0.45 and —0.30%. (Table 2). The 6°“Fe values of
lithogenic source materials determined by Beard et al. (2003b)
and the Jurassic iron oxides measured in this study (excepting
the one high value for the Tithonian nodule) average ~0.2%o;
thus the pyrite samples from the Blackstone are depleted by
approximately 0.5 to 0.6%. relative to this range. Other pyrite
and siderite-bearing mudstone samples show similar or smaller
differences (Fig. 7).

Given the data constraints noted above, the most straightfor-
ward model to account for the depleted isotopic compositions
of the mudstone samples assumes that a variable component
(pool) of low 8°"Fe Fe(l1) forms in solution from dissimilatory
Fe(lll) reduction of oxides, followed by siderite and pyrite
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Fig. 8. Yellow Ledge Stone Band 8°"Fe and Fe wt% profiles. (a)
Swanworth Quarry 1: profile of the 48 cm thick stone band, together
with adjacent shales, sampled at 2-cm intervals. (b) Type locality
exposure near Cuddle (SY 912 782): the 29 cm thick stone band
sampled from 2 to 3 cm sections cut from aligned hand specimens
collected from the exposed ledge. The data points are placed at the
centre of each analyzed sample slice. All data are from Table 2. Errors
are lo.

precipitation. Physicaly, this could take place either in the
anoxic-euxinic bottom waters or below the sediment-water
interface. The model is schematically illustrated for the SR
zone in Figure 9 in which the dissolution of the ferric oxidesis
assumed to be congruent (Skulan et al., 2002; Brantley et a.,
2004). Thus, Fethat isreleased into solution from the oxides as
Fe(I11) and then microbially reduced should give Fe(ll) with
initial 8°"Fe ~ 1.9%o lower than that of the Fe-oxide source.
However, to create isotopically depleted Fe(ll1), an isotopically
enriched intermediate Fe species must be formed at the same
time to maintain isotopic mass balance, as noted by Johnson et
al. (2003). Increased formation of Fe(l1) from dissolution of the
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Fig. 9. Cartoon illustrating a potential fractionation mechanism for
generating pyrite 8°"Fe values by bacterial reduction of lithogenic Fe
oxides and hydroxides in the sulfate-reduction zone.

lithogenic Fe-oxide source and the enriched intermediate would
increase the 8°’Fe value of the Fe(l1), until at 100% conversion
its 8°’Fe value would be equal to that of the original source
material. The pyrites and siderites could thus form from pools
or reservoirs of agueous Fe(l1) with variable 8°’Fe. For siderite
formation, Coleman (1993) and Coleman et a. (1993) have
shown that biogenic mediation is essential for siderite growth
by providing the source of carbonate through organic-matter
oxidation and catalyzing Fe reduction. Thus, the siderite that
forms biogenically from the Fe(ll) pool is not expected to be
fractionated (AS”Fe(siderite-Fe(ll)) = 0). Although the frac-
tionation of biogenic pyrite-Fe(ll) is not known, the first ex-
perimental data concerning inorganic FeS precipitation from
Fe(I) solutions (Butler et al., 2003; Fig. 2) suggest that it may
also be small. Thus, a small additional fractionation may ac-
company the formation of pyrite from solution Fe(ll). Clearly,
complete formation of pyrite and siderite from the available
solution Fe(I1) pool would result in no net fractionation.

The high 6°"Fe values of ~0.5%o found in the lowermost
sampled mudstones in the core, immediately beneath The Flats
Stone Band within strata of the eudoxus zone, should reflect
extensive conversion of lithogenic oxide source materia to
pyrite. Among the pyrite-bearing samples, these have the high-
est Fe content (Table 2), which could indicate the utilization of
a large Fe(ll) reservoir. Scotchman (1989) reported unusually
heavy 84S values for the pyrites from these eudoxus-zone beds
that he attributed to a depletion in the amount of sulfate during
reduction. Significantly, such a depletion in sulfate is also
consistent with an unusually large reservoir of iron.

Perhaps the greatest uncertainty of this model is the identity
of the >’Fe enriched intermediate. Possibilities are that oxidized
Fe(l11) forms as a separate solution pool or that rapid oxidation
of Fe(ll) produces isotopically enriched ferrihydrite (Bullen et
al., 2001). Alternatively, in reducing conditions, ”Fe-enriched
Fe(ll) forming in the sediments and/or bottom waters could
become adsorbed by clays or onto mineral surfaces and provide
a potentially labile reservoir of >’Fe-enriched material. In the
classic study of the role of clay mineralsin the transportation of
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iron, Carroll (1958) noted that marine black muds contain
“ferrous oxides’ (presumably oxyhydroxides) coexisting with
amorphous ferrous sulfides. Furthermore, recent experimental
studies of goethite dissolution in the presence of bacteria that
secrete organic ligands show that formation of isotopically-
light Fe in solution is driven by the bacterial uptake of isoto-
picaly-heavy Fe-organic complexes and possibly by adsorp-
tion onto goethite of isotopically heavy Fe (Brantley et al.,
2004; S. L. Brantley, personal communication). Adsorption of
isotopically-heavy Fe onto goethite has also been documented
to be important during reductive dissolution of goethite by
dissimilatory iron reducing bacteria under anaerobic conditions
(Icopini et al., 2004). Most important is that the isotopicaly
heavier intermediate could contribute to the higher 8°’Fe do-
lostones during later diagenesis.

6.2. Iron-Isotopic Zoning in the Yellow Ledge Stone
Band

The carbonate stone bands are viewed as a form of laterally
extended or coaesced concretionary carbonate growth
(Coleman, 1993). Raiswell and Fisher (2000) distinguished two
modes of growth based on cement textures: (i) concentric (or
outward) growth where successive carbonate layers are added
to the outer surface, increasing the radius (thickness) with time,
and (ii) pervasive growth where the carbonate crystals simul-
taneously grow throughout the concretion volume and with
little radius (thickness of the stone band) variation with time.
Both growth mechanisms require porosity that can be filled by
later cements, with the result that chemical or isotopic gradients
across the concretionary bands may reflect changes in the
relative proportions of early and later cements (Fisher et al.,
1998; Raiswell and Fisher, 2000). Irwin et a. (1977) and
Scotchman (1991) favored a concentric model, whereas Feist-
ner (1989) showed that textural features of dolostone bands
were consistent with pervasive growth.

Our mineralogical observations have indicated that the fer-
roan dolomites contain negligible amounts of pyrite, as illus-
trated in Figure 10, where the calculated stability fields of
ferroan dolomite and pyrite as a function of pH and total sulfur
(log S;) are plotted. Similar to siderite-FeS phase relations
(Stumm and Morgan, 1996, their fig. 7.18), ferroan-dolomite
stability over Fe** and pyrite is favored by increasing pH and
low sulfur activity, respectively. Such conditions are consistent
with the inference that the stone bands grew in reduced (metha-
nogenic) conditions below the SR zone. Dolomite growth fa-
vored by high akalinity and low sulfate activities has been
suggested in a number of studies (e.g., Baker and Kastner,
1981; Hardie, 1987).

6.2.1. Diffusional Isotopic Exchange

The mechanism that leads to the observed offsetting of the
8°"Fe and Fe concentration pesks across the Yellow Ledge
Stone Band (Fig. 8) is not immediately apparent. We first
explore the potentia role that diffusive transport might play
during the diagenetic formation of the dolostones.

Because *’Fe is not present in trace amounts (°’Fe/>*Fe ~
0.4), diffusional models used to examine 80 in sedimentary
systems, which assume that the heavier isotope is present in

FeS2 + Ca* +2 HCOS' = ankerite® + 2 HS™

2
: S, = [H S(aq)] + [HS]
Sl [Alk] =5 * 10°
- * . Pyrite
8 “8 :— Fez+
-10 [
- Y .. _Datro
B 5 ! Ferroan - | ...
g b, B i dolomite /T 7
0 2 4 6 8 10

T
T

Fig. 10. Phase diagram illustrating the stability of ferroan dolomite
with respect to pyrite and Fe?* as a function of pH and log S; (Total
sulfur = [HS™] + [H,S]) a 25°C and 1 bar. The thermodynamic
properties of ferroan dolomite are modelled in terms of its ankerite
component assuming a fixed activity of 0.1. The eguation illustrating
the stability of this component with respect to pyrite is shown at the top
of the diagram. The stability of the ferroan dolomite is given for two
representative activities of Ca®* in solution. The calculation method
and equations defining akalinity and log S; are after Stumm and
Morgan (1996, pp. 401-403). Data sources: ankerite (Holland and
Powell, 1998); pyrite (Stumm and Morgan, 1996); solution species
(Shock and Helgeson, 1988).

trace abundance (e.g., Burns, 1998), cannot be applied to the
57Fe/>*Fe ratios and corresponding values of 6°“Fe. Instead, we
develop here an dternative diffusional model that potentially
accounts for the pattern observed in the Yellow Ledge profile.
As a close approximation, it will be assumed that the solid-
aqueous partitioning of Fe between the solution and the dolo-
mitic cement can be adequately described by dimensionless
distribution coefficients (K59):

Fe (F&) wia
KD - (Fe)aq (1)
where (F€)g,iq and (Fe),, are the solid and agueous Fe con-
centrations respectively in moles per unit volume. As isotopic
fractionation occurs during the exchange between agueous
Fe* and the mineral Fe?", distribution coefficients for each of
the two isotopes can be defined:

— (*"F&)soiia

K™ = (Fo, 2
SaFe (**F&) soiia

KD - (54Fe)aq (3)

From the definition of the fractionation factor, we obtain the
following expression for solid aqueous partitioning

(*'F&)soiia /(*'F€)
Aol = (Sapg) (MFe): @

and comparing to Egns. 2 and 3, the following relationships are
obtained:
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Table 3. Boundary conditions for the diffusional model.®

Vertical >Fe 5Fe
Time distance (2) concentration concentration
t=0 O0sz=sow 0.1471 0.0563
t>0 z=0 1 0.3827
t>0 zZ=o 0.1471 0.0563

@ Concentrations are indicated by arbitrary units. While the absolute
vaues of the boundary concentrations influence the Fe concentration
profiles, the AS"Fe profiles are only determined by the relative concen-
trations. The ratio of 'Fe/**Fe at z = 0 and z = « is taken as the
certified value for the IRMM - 14 standard (0.3827).

_ C"Fe)soiia | (*F)satia
Asplid-ag — (57Fe)aq (54Fe)aq

— K5D7Fe/Kg4Fe (5)
and
Kgﬂce = asolid»aqu4Fe (6)

In the case of iron-isotope partitioning between ferroan dolo-
mite and Fe(l1) in solution, « isless than unity (Fig. 2) and the
distribution coefficient of >*Fe should therefore be dlightly
greater than that of ®>’Fe. If it is further assumed that the
transport of aqueous Fe isotopes is effectively one dimensional
and is determined only by solid-aqueous partitioning and ver-
tical concentration gradients, the following two equations de-
scribing the spatial and temporal changes in agueous Fe con-
centrations can be written for each isotope, adapted from the
standard chromatographic eguations described by Crank
(2975):

ICFe) o ~ De 9%(°'Fe) o .
ot 1+ KY* 972 )
(> Fe)y _ De 02(>'Fe) o g
ot 1+KYE a7 ®)

where D, is the effective diffusion coefficient for Fe in the
porous matrix. Although not strictly correct, it is assumed that
5’Fe and **Fe diffuse at the same rate and that porosity is
constant with time. Substituting Egn. 6 into Eqn. 7 we obtain

I Fe) o 3 Dee 9%(°'Fe) o 9
at 1+ ageaKdT 07 ©)

With data on effective diffusion and distribution coefficients,
(8) and (9) can readily be solved for different boundary con-
ditions using analytical or numerical techniques. The equations
have been solved here assuming a fixed boundary with a
constant concentration, consistent with the boundary conditions
of the pervasive-growth model. Solutions for the concentrations
of each isotope were obtained using the analytical solution for
a semi-infinite system with the boundary conditions indicated
in Table 3. These model boundary conditions represent a sys-
tem that is initially homogenous with respect to Fe concentra-
tion and isotopic composition and borders an infinitely large
reservoir with higher agueous Fe concentration but identical
composition to the diffusional domain. Thus, the isotopic pat-
terns that develop and diffuse through the system (the dolo-
stone) are effectively driven by concentration gradients rather

than isotopic gradients. Such concentration gradients could
form as a result of preferential dissolution of Fe-bearing min-
eras outside the diffusional domain. Importantly, as the isoto-
pic profiles are determined by the relative concentrations of the
boundary and initial conditions rather than the absolute values,
arbitrary concentration units were used in the calculations.
Using the solutions to the equations, isotopic profiles of differ-
ent times may be obtained. In the following discussion, the Fe
isotopic fractionation is defined by A°’Fe,_,, defined here as
5°’Fe at time = t minus §°"Fe at time = 0. The advantage of
this definition is that the curves reflect the change in the
isotopic ratios of both the dolomite and aqueous species.

Clearly, the fractionation factor is a critical parameter of the
modelling and the fractionation for Ca siderite-Fe(ll) =
—1.4%0 may serve as a good approximation for the biogenic
fractionation between ferroan dolomite and Fe(ll). As the the-
oretical and natural data for BIFs indicate (Fig. 2), ankerite
should be depleted with respect to siderite. To explore the range
of possibilities involving different fractionation factors, we
have made caculations assuming three values of agyigaq:
0.997, 0.998 and 0.999, corresponding to AS’Fe(dolomite-
Fe(ll)) values of —3, —2 and —1, respectively. These should
cover the range of « values that might occur in both biogenic
and abiogenic fractionation.

Calculated profiles of A>'Fe,_, areillustrated in Figure 11a,
demonstrating the way in which pesks of AS’Fe, — t, can
develop within a profile and gradually move into the interior
with time. Vaues chosen for the model parameters in this
diagram are! agigo = 0.998; Dee = 5 X 107 % cm?s™* (Li
and Gregory, 1974); KZ* = 10° (an Fe concentration in the
dolomite of 4% by mass corresponds to an agqueous concentra-
tion of approximately 1-2 X 10~° M, consistent with values
used to model the iron redox system (cf. Stumm and Morgan,
1996). It isinteresting to note that the model peak overlaps the
position of the peak observed in the Yellow Ledge after
~39,000 yr has elapsed. The model calculations thus illustrate
that 6°”Fe patterns of the type shown in Figure 8a can develop
and migrate in the ferroan dolostone bands as a result of
diffusional isotopic exchange.

The various model parameters influence the profile shapesin
different ways and a brief parametric analysis is shown in
Figure 11b—e. Perhaps unsurprisingly, decreasing « by even
relatively small degrees acts to amplify strongly the magnitude
of the fractionation peak (Fig. 11b). Interestingly, while the K
and D, parameters determine the rapidity with which the
isotopic peak moves through the system, both parameters have
relatively little effect on the magnitude of the peak (Fig. 11c,d).
By contrast, the initial concentration step at the boundary
(MFQ nitial — 54Fernudslone/54Fedolomilg is found to be an impor-
tant factor in determining the isotopic profile (Fig. 11€). In
addition to influencing peak position, increasing the initial
concentration step from 0.1 to 0.5 concentration units also
considerably reduced the peak height.

A comparison of the isotopic data with model profiles dem-
onstrates that a semiquantitative agreement can be obtained
between the model and data from the Yellow Ledge (Fig. 12).
Although too little data are currently available to successfully
constrain boundary conditions and model parameters, the sim-
ulations nevertheless demonstrate that diffusional processes
can reproduce the apparent decoupling of concentration peaks
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Fig. 11. Diffusion-model calculations of A>'Fe,_,, profiles. (a) Pro-
files at different times demonstrating the movement of the AS"Fe peaks
towards the centre of the band. Boundary conditions are given in Table
3 and model parameters in the text. Simulated profiles at 39,000 yr are
ga\l4so shown for different values of (b) agjig.aq (€) Kp, (d) D, and (€)

Fenitia-

from isotopic peaks. Thus, in addition to potentially accounting
for pertinent features of the isotopic variations observed in the
Yellow Ledge profile, the diffusional approach presented here
could well be applicable to other diagenetic isotopic systems.

6.2.2. Variable 8°"Fe source reservoirs during dolostone
growth

Advection of iron from variable §°’Fe source reservoirs
during the coprecipitation of Fe(ll) with dolomite provides an
aternative potential mechanism for changing isotopic compo-
sition during the growth of the dolostone bands. Theincreasein

1.00 T T
0.75 f
0.50
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Yelllow Ledlge daté Fe-

%"Fe

Fig. 12. Comparison of Yellow Ledge 6°'Fe data with a simulated
profile based on model calculations. Model parameters in the simula-
tion are those used in Figure 11a at 39,000 yr. Although relatively few
constraints are available concerning the model parameters and bound-
ary conditions, a qualitative similarity between the model and the
measured profile can be seen.

8°"Fe of the dolostone from the centre outward (Fig. 8a) could
be accounted for by an increase in the flux of >’Fe-enriched
Fe(ll) to the site of growing dolomite from a relatively large
reservoir in the proximate mudstones. This flux could be sup-
plied by the intermediate, possibly adsorped, 5"Fe-enriched
component that has been suggested to accompany the forma-
tion of pyrite and siderite. A second potential >”Fe-enriched
source could be provided by the dissolution of lithogenic iron
oxides not utilized in the early diagenetic formation of pyrite
and siderite.

As was noted earlier, the pesk §°"Fe values in the Yellow
Ledge band are followed by a decrease in 6°"Fe toward the
margins. In contrast, the Fe content continues to increase,
reaching a maximum at the margins. This behavior suggests
that, as growth continues, an additional component of *Fe-
depleted aqueous Fe(I1) is being added to the flux of iron during
the later stages of dolostone growth. Theoretically, dissolution
of framboidal pyrite in the mudstones hosting the stone bands
could provide a low 8°’Fe source (Fig. 10); however, such a
mechanism cannot be properly evaluated since the kinetics of
such reactions are not known. An alternative source for the low
8°"Fe values is aqueous Fe (11) that is forming in other parts of
the diagenetic column and advected to the site of dolostone
growth.

An examination of the oxygen-isotope data of Irwin et al.
(1977) shows that band centres generally have the highest §°0
values, whereas low §*20 values primarily occur in the margins
of bands: a phenomenon they attributed to temperature increase
during buria diagenesis. Increase in temperature may enhance
the rate of dissolution and transport processes, hence account-
ing for the higher Fe contents at the margins of the dolostone
bands.

7. CONCLUSIONS

A study of the 8°“Fe values of mudstones and dolomite
bands in the organic-rich sediments of the Kimmeridge Clay
Formation show that iron isotopes are mobilized and cycled,
resulting in the partitioning of iron from lithogenic sources into
lower §°"Fe pyrites and siderite-bearing mudstones and higher
5°’Fe ferroan dolomite bands. Thus, in contrast to the rather
low variation in the Fe-isotope compositions of oxidized (low-
carbon) sedimentary rocks reported by Beard et al. (2003b),
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organic carbon-rich sediments show isotopic evidence of redox
changes and cycling. A simple fractionation model relates the
formation of the lower §°“Fe pyrite and siderite to variable
degrees of reduction of lithogenic ferric oxide sources in a
microbiologically active environment. A consequence of these
fractionation processes that produce an isotopically depleted
iron phase is that an 5“Fe-enriched intermediate iron species
should be formed, which potentially may be utilized in the
formation of the higher 6°’Fe values in dolostones.
Interpretation of the zoned isotopic distributions observed
within a dolostone band suggests that both diffusional chro-
matographic processes and changing source reservoirs could
contribute to the variation in the iron concentrations and iron-
isotope compositions. Although we have examined these mech-
anisms separately, they are not mutually incompatible and more
sophisticated models could be capable of integrating the two
processes. Indeed, given that dolostone bands can form through
both pervasive and concentric growth modes, these models are
best regarded as potential end-member mechanisms for the
fractionation of iron isotopesin the natural diagenetic situation.
The study demonstrates that the iron isotopic record of
organic-rich sediments provides a powerful new tool for study-
ing biogenically mediated sedimentary diagenetic processes.
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